Vanadium has multiple oxidation states in silicate melts and minerals, a property that also promotes fractionation of its isotopes. As a result, vanadium isotopes vary during magmatic differentiation, and can be powerful indicators of redox processes at high temperatures if their partitioning behaviour can be determined. To quantify the partitioning and isotope fractionation factor of V between magnetite and melt, piston cylinder experiments were performed in which magnetite and a hydrous, haplogranitic melt were equilibrated at 800 °C and 0.5 GPa over a range of oxygen fugacities ( f O 2 ), bracketing those of terrestrial magmas. Magnetite is isotopically light with respect to the coexisting melt, a tendency ascribed to the VI-fold V 3+ and V 4+ in magnetite, and a mixture of IV-and VI-fold V 5+ and V 4+ in the melt. The magnitude of the fractionation factor systematically increases with increasing log f O 2 relative to the Fayalite-Magnetite-Quartz buffer (FMQ), from ∆ 51 V mag-gl = − 0.63 ± 0.09‰ at FMQ − 1 to − 0.92 ± 0.11‰ (SD) at ≈ FMQ + 5, reflecting constant V 3+ /V 4+ in magnetite but increasing V 5+ /V 4+ in the melt with increasing log f O 2 . These first mineral-melt measurements of V isotope fractionation factors underline the importance of both oxidation state and co-ordination environment in controlling isotopic fractionation. The fractionation factors determined experimentally are in excellent agreement with those needed to explain natural isotope variations in magmatic suites. Furthermore, these experiments provide a useful framework in which to interpret vanadium isotope variations in natural rocks and magnetites, and may be used as a potential fingerprint the redox state of the magma from which they crystallise.
Introduction
Among the polyvalent elements, vanadium is particularly useful in that it exists in four oxidation states, namely, V 2+ , V 3+ , V 4+ , and V 5+ , under geologically relevant conditions. This wide range of valence states brackets the oxygen fugacities ( f O 2 ) of natural rocks, and thus, elemental partitioning of V has been employed as a redox indicator (e.g., Canil 1997; Lee et al. 2005; O'Neill 2009, 2013) .
Pure magnetite has an inverse spinel structure at room temperature, with the formula IV (Fe 3+ ) VI (Fe 2+ Fe 3+ )O 4 ; however, it tends to the random, normal distribution at ≈ 1400 °C (Wu and Mason 1981) . In the absence of titanium, the Fe 3+ /Fe 2+ ratio of two in magnetite is imposed by its stoichiometry, making it independent of f O 2 of the melt from which it crystallises. The high octahedral site preference energy of V 3+ make its incorporation favourable into magnetite. Together, the Fe 2+ /Fe 3+ and V 3+ /V 4+ pairs
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27 Page 2 of 18 undergo electron exchange that results in the stabilisation of all four species at high temperatures, leading to considerable configurational entropy and negative deviations from ideality in Fe 3 O 4 -FeV 2 O 4 solid solutions (Petric and Jacob 1982; O'Neill and Navrotsky 1984) . This phenomenon renders V highly compatible in magnetite, and the V 3+ /V 4+ ratio independent of f O 2 at a given temperature and pressure.
Due to the important role magnetite plays in evolving magmas, vanadium partition coefficients are well-characterised over a range of f O 2 (e.g., Canil and Fedortchouk 2001; Righter et al. 2006a; Toplis and Corgne 2002; Mallmann and O'Neill 2009) , though, until recently, few at melt compositions relevant to the silicic magmas from which they predominantly crystallise. Arató and Audétat (2017) measured the partitioning of V between magnetite and silicic melts with varying Alumina-Saturation Indices (ASI), molar Al 2 O 3 /(CaO + Na 2 O + K 2 O), between 800 and 1000 °C, observing that V becomes more compatible at lower temperatures and higher ASI. A similar dependence was observed by Sievwright et al. (2017) , who further showed that V substitution into titanomagnetite follows that of Ti. In both cases, the logarithm of the partition coefficient of V into magnetite compared with log f O 2 resulted in a slope of − 0.5, implying that V is largely trivalent in magnetite, whereas V 5+ prevails in the silicate liquid. Stable V isotopes can now be determined to a precision high enough to be applied to geological problems (e.g., Nielsen et al. 2011; Prytulak et al. 2011; Wu et al. 2016) . The nascent data set, including peridotites, mafic magmas, and meteorites (Prytulak et al. , 2013 (Prytulak et al. , 2017 Nielsen et al. 2014; Wu et al. 2016; Schuth et al. 2017; ) reveals analytically resolvable V isotope fractionations at high temperatures. The strong dependence of V partitioning on f O 2 makes it tempting to interpret isotope variations in terms of variable oxygen fugacity. Even at igneous temperatures, variable bond strength gives rise to stable isotope fractionation, with heavier isotopes preferred in stronger bonding environments (e.g. Urey 1947; Schauble 2004) . While the valence of an element plays a role in determining bond strength, the co-ordination environment is also key (e.g., Sossi and O'Neill 2017) .
Vanadium isotopes, during the early phase of crystallisation dominated by Fe-Mg silicates and plagioclase, are invariant in natural magmatic systems from island arc (Marianas) and intraplate (Hekla, Iceland) environments (Prytulak et al. 2017) , and V is mildly incompatible. However, upon Fe-Ti oxide saturation in dacitic compositions, the V isotope composition of the remaining melt reaches values 2‰ higher than in mafic compositions. This phenomenon is a result of Rayleigh distillation and a magnetite-melt fractionation factor of ≈ − 0.5‰ at around 1000-1050 °C (Prytulak et al. 2017) . At the resolution of their measurements, no covariation of the fractionation factor with f O 2 of the magma (FMQ for Hekla, FMQ + 2 for Marianas) is apparent. As such, both the differing co-ordination and V oxidation state inferred between magnetite ( VI V 3+ /V 4+ ) and melt ( IV-VI V 4+ and IV V 5+ ) are required to drive isotopic fractionation, but it is problematic to deconvolve these parameters from one another in natural rocks. Thus, before natural variations in stable vanadium isotopes can be interpreted in the context of f O 2 , the response of isotope fractionation to oxygen fugacity and other physicochemical variables must be systematically examined.
This contribution presents the first experimental investigation of stable vanadium isotope fractionation. Stable V isotope fractionation factors are determined between hydrous, granitic melts, and magnetite equilibrated in a piston cylinder assembly at 800 °C and 0.5 GPa as a function of oxygen fugacity. These conditions were chosen to maximise the isotopic fractionation factor while still resembling natural systems. Elemental partitioning between the two phases is fit using a thermodynamic model that yields estimates for Fe /V 5+ ratios in the melt and in magnetite. With this information, V isotope fractionation between magnetite and melt is fit using the bond valence model. It is shown that V isotope fractionation between magnetite and melt is sensitive to both co-ordination environment and oxygen fugacity, and thus potentially useful in deciphering redox conditions during igneous processes and for fingerprinting the origin of magnetite with differing petrogenetic histories.
Methods and rationale

Experimental petrology
Magnetite has several attributes that make it an attractive target for the experimental investigation of vanadium stable isotope fractionation. These include the ubiquity of magnetite in igneous systems, the importance of the mineral in understanding the genesis of arc magmas (e.g., Jenner et al. 2010) , the high compatibility of vanadium in magnetite (except under very oxidising conditions; Toplis and Corgne 2002) , the growing body of work using magnetite chemistry for economic tracing (e.g., Boutroy et al. 2014; Dare et al. 2014; Canil et al. 2016) , and its magnetic properties, which aids phase separation of experimental charges. Importantly, the presence of both Fe 3+ /Fe 2+ and V 4+ /V 3+ pairs in magnetite results in electron exchange that fixes the speciation of V, such that it is independent of oxygen fugacity (O'Neill and Navrotsky 1984) . Therefore, isotopic variations can be ascribed solely to changes in V bonding environment in the melt.
While analytically resolvable variations in vanadium isotopes have been demonstrated in high-temperature materials (Prytulak et al. , 2013 (Prytulak et al. , 2017 Nielsen et al. 2014; Schuth et al. 2017; , the magnitude of fractionation is ≈ 1‰. Thus, the experiments presented herein were devised to maximise potential isotope fractionation, rather than replicate natural systems. Temperature affects stable isotope fractionation proportional to 1/T 2 (Urey 1947) . In attempting to minimise the temperatures (and, therefore, maximise isotope fractionation) required for a liquid melt to exist, a haplogranitic melt was chosen (Table 1) . To further decrease the liquidus temperature and promote equilibration, water was added as a flux. By interpolation of H 2 O contents at saturation in different haplogranite compositions (Holtz et al. 2001) , water saturation is calculated to be 10.2 wt% at 800 °C and 0.5 GPa for the haplogranite used in this work (Table 1) . To prevent the formation of a fluid phase, which could complex V, 9 wt% water was added, keeping the melt just below the saturation point. Vanadium was added at 4 wt% of the total mixture.
To control f O 2 in piston cylinder experiments, the double capsule method (Eugster 1957; Woodland and O'Neill 1997; Matjuschkin et al. 2015) was employed. This technique is predicated on the rapid diffusion of hydrogen and use of H 2 O as an oxygen-buffering agent, where the
ratio is controlled by the redox potential of the E 0 /E x+ pair. More reducing metals will be in equilibrium with a vapour phase that has a lower H 2 O/H 2 ratio: Then, subtracting Eq. (2) from (1) gives Hydrogen diffusion proceeds from the outer reservoir into the inner capsule, which is fashioned from a 0.2 mm wall thickness, 3.5 mm external diameter Ag 75 Pd 25 , rather than the pure Ag, 6.3 mm external diameter outer capsule. The Silver-Palladium capsule is less prone to Fe loss compared to Pt (Muan 1963) , and offers comparable H 2 permeability that is an order of magnitude greater than that of pure
silver at 800 °C (Chou 1986) . At equilibrium, Eq. (3) can be expressed as If the hydrogen pressures are equivalent in the inner and outer capsules, f O 2 should be equivalent in both. However, in the experiments designed here, H 2 O is slightly undersaturated in the inner capsule, yielding a H 2 O < 1 . Therefore, the oxygen fugacity in the inner capsule is given by Here, it is assumed that the activity of water, a
where f o is the fugacity at saturation (= 1). Mole fractions of water dissolved in granitic melts were calculated as a function of composition at 800 °C according to Behrens and Jantos (2001) and f O 2 corrected according to Eq. (5).
The solid-solid buffers chosen span the range of typical terrestrial oxygen fugacities found in granitic rocks (e.g., Carmichael 1991) . At 800 °C, they become more oxidising from Co-CoO < NNO < Re-ReO 2 < HM, corresponding to FMQ − 0.78, FMQ + 0.81, FMQ + 2.87 and FMQ + 5.07, respectively. As the intrinsic f O 2 of piston cylinder charges are around FMQ (Boettcher et al. 1973; Medard et al. 2008) , the molar ratios of the metal-metal oxide mixtures were set, such that the more unstable component was in excess. For Co:CoO, 75:25, Ni:NiO = 50:50, Re:ReO 2 = 67:33 and 75:25 Hematite:Magnetite. The presence of water and both phases was verified after the experiment by XRD, ensuring that the oxygen fugacity was buffered by the two-phase assemblage, to an uncertainty of ± 0.3 log units (Matjuschkin et al. 2015) .
To verify the reliability of the more complex piston cylinder experiments, a simpler experiment was run in a 1 atm vertical gas-mixing furnace. A sodium silicate melt composition in the system Na 2 O-SiO 2 -Fe 2 O 3 was devised (Bowen et al. 1930 ) to remain super-solidus at 800 °C and fluidabsent conditions. The oxides were added in the proportions 23:37:38 (Table 1) , yielding a composition with a liquidus temperature around 900 °C. Above the hematite-magnetite Table 2 . The experimental charges were finely crushed, and magnetite was separated gravitationally by settling in acetone. The recovered material was subjected to the same treatment several times, resulting in near-pure glass fractions. Experiments with coarser-grained magnetite were also separated magnetically from the silicate glass. The sodium silicate composition has the added benefit of being soluble in water (Fuchs 1825) , whereas magnetite was dissolved in 6 M HCl.
Electron microprobe
Major element analyses of the experimentally-grown phases were performed on a Cameca SX100 at the Research School of Earth Sciences (RSES), Australian National University (RSES, ANU) using wavelength dispersive spectroscopy (WDS). Spectrometers were initially calibrated for peak position and intensity on in-house natural mineral standards, and three Smithsonian National History Museum internal standards, San Carlos Olivine, Kakanui Augite and Tiebaghi Chromite (Jarosewich et al. 1980 ) corrected for in-run drift. Beam conditions were set at 15 kV and 20 nA for a 1 µm focused spot, increased to a 20 µm broad beam for glasses. Peak counting times varied depending on the element: Si, Al, and Mg were run on TAP with a 10 s count time each, while Na was analysed for 20 s on the same crystal. Calcium and K were run on PET for 10 and 20 s, respectively. Iron was analysed for 10 s on the more sensitive LLIF crystal, together with the V Kα peak (as opposed to Kβ which is less intense and has interferences from Cr and especially Ti) with a count time of 120 s on two spectrometers, yielding an estimated detection limit of 40 ppm. Reported glass and mineral compositions are an average of between 5 and 10 points.
Isotope geochemistry
Analytical considerations
Vanadium has two stable isotopes whose abundances are highly skewed between 51 V (99.76%) and 50 V (0.24%). The existence of only two stable isotopes precludes the use of a double spiking technique to correct for mass fractionation. Mass fractionation of stable isotopes may be induced during ion exchange chromatography due to incomplete elution (see Anbar et al. 2000; Chapman et al. 2006; Sossi et al. 2015) . Therefore, quantitative (100%) recovery of V is required. In V. As such, the accurate and precise measurement of the isotopes of vanadium also necessitates near-quantitative removal of Cr and Ti Prytulak et al. 2011 ).
Ion-exchange chromatography
Samples, including separated experimental charges and United States Geological Survey (USGS) reference materials, were dissolved in concentrated HCl-HF-HNO 3 in the ratio 1:0.5:0.2 for 48 h at 140 °C in sealed Teflon vials. The USGS reference material PCC-1 is a Cr-spinel rich harzburgite, that was digested in an oven in pressurised, sealed Teflon bombs in a 3:1 mixture of concentrated HNO 3 :HF for 6 days at 210 °C and was then evaporated under concentrated HNO 3 .
The procedure of Nielsen et al. (2011) was followed to satisfy the requirements of (1) complete recovery of V and (2) quantitative removal of Cr and Ti. All work was carried out in a laminar flow hood at RSES, ANU.
Mass spectrometry
Analyses were performed on a ThermoFinnigan Neptune Plus MC-ICP-MS at RSES, ANU. Stable vanadium isotopes are reported using the standard delta notation, relative to the Oxford Alfa Aesar V solution standard (AA), defined as 0‰ Prytulak et al. 2011): The Neptune Plus at ANU is equipped with 10 10 and 10
11 Ω resistors. The major isotope, 51 V, was measured on a 10 10 resistor to allow for the intense signal while still achieving statistically meaningful counts on 50 V. The measurement protocol followed that outlined in . Briefly, sample solutions and standards were analysed in 0.3M HNO 3 at a concentration of 4 ppm, in lowresolution (LR) mode, using H-cones and a Quartz Scott Double Pass-Cyclonic spray chamber. Each analysis consisted of 45 cycles of 4.194 s each. An instrumental baseline is implemented before each analysis, in addition to a blank subtraction performed every bracketing standard. The cup configuration is given in Table 3 , and allows for
collection of the Ti and Cr masses, a requirement for application of the interference correction on 50 V. Interference and mass bias corrections were applied using the exponential law to both the samples and standard. Uncertainties are reported as standard deviations throughout.
Results
Petrography
A back-scattered electron image of a representative section of the Re-ReO 2 experiment is shown in Fig. 1 . All experimental runs produced magnetite and glass. The two phases are present in 1:1 proportions, reflecting the ratio of magnetite:haplogranite in the starting mixture (Table 1) . Magnetite predominantly occurs as small (5-20 µm) euhedral crystals that often form glomeroporphyritic clusters of ≈ 100µ m. A small fraction (5-10%) of the magnetite occurs as larger, embayed phenocrysts of up to 50 µm in length, whose growth may have resulted from pressure fluctuations over the course of the experiments. The glass is vitric and unvesiculated. Both magnetite and glass phases are homogeneous, with no chemical zoning evident with proximity to the capsule walls, within phases or where both are in contact. 
Major and minor element compositions
Compositions of silicate glass and magnetite are reported in Table 4 . Water contents, calculated by difference of the total to 100 wt%, range from 6.89 wt% (HM) to 9.45 wt% (NNO), likely reflecting the imprecision in adding 9 µL of water to the experimental charge. Importantly, these are all lower than the theoretical water saturation content of the granitic melt (Holtz et al. 2001) . With respect to the initial starting composition, the alkali contents are depleted, ranging from a combined total of 6.25-6.79 wt% on an anhydrous basis, compared to 9.48 wt% in the starting mix. Their decrease is compensated for by Al 2 O 3 , FeO (T) , and V 2 O 3 , with the latter two showing trends in their concentration with f O 2 (Fig. 2a, b) . As oxygen fugacity increases, iron oxide shows a parabolic decrease from 3.35 wt% at Co-CoO to 1.57 wt% at HM (Fig. 2a) . The opposite dependence is observed for V (Fig. 2b) , with higher concentrations under more oxidised conditions (1443 ± 61 ppm at HM), compared to 268 ± 49 ppm at Co-CoO. Over the same range in oxygen fugacity, magnetite compositions remain comparatively constant, with 6.89 < V 2 O 3 (wt%) < 8.39 and 84.40 < FeO (T) (wt%) < 86.23, and, when re-calculated for 3 cations/4 oxygens, correspond to coulsonite (FeV 2 O 4 ) components (X coul ) of 0.11-0.13 (Table 4 ). In the 1 atm experiment at FMQ − 1, V is incompatible in magnetite, with V 2 O 3 = 0.33 ± 0.10 wt% (X coul = 0.005), compared to 2.67 ± 0.03 wt% in the melt.
V isotopic compositions of solution standards and USGS reference materials
The first assessment of the long-term reproducibility of BDH is δ 51 V AA = − 1.19 ± 0.08‰ (n ≈ 1000; Nielsen et al. 2011) . Later studies are in excellent agreement with Schuth et al. 2017; δ 51 V AA = − 1.22 ± 0.04‰ (n = 10), and , − 1.10 ± 0.08‰, (n = 5)]. Continual measurement of BDH at RSES, ANU over the time period of the samples measured in this study yields − 1.13 ± 0.06‰ (n = 28). This consistency attests to the capability of measuring V isotopes in a pure V solution using the ANU analytical protocol. These values compare well with the column-processed V 2 O 3 starting material (also BDH) and BDH solution, which give − 1.17 ± 0.08 and − 1.22 ± 0.06‰, respectively. In addition, USGS reference materials were analysed to test the reproducibility and accuracy of the wet chemistry (sample dissolution and ion-exchange purification). Standard data for USGS reference materials are in agreement with literature data (Table 5 ). In fact, BIR-1 agrees well in all laboratories in which it was measured, even though different combinations of medium and low resolutions, wet and dry plasma, 10 9 , 10 10 , and 10 12 resistors, and different instruments (the Neptune and the Nu) were employed ( Table 5 ). The same is true of BCR-2, with the exception of the heavier value of − 0.78 ± 0.04‰ reported by Wu et al. (2016) . The stability of V isotope compositions processed using ion-exchange chromatography across numerous labs employing diverse analytical protocols testifies to the robustness of the values reported herein. 
V isotopic composition of magnetite and glass in experimental charges
Vanadium isotope compositions of separated magnetite and glass are listed in Table 6 . The V isotope composition of the starting material (BDH) is δ 51 V AA = − 1.19 ± 0.08‰ . In most cases, measured magnetite compositions are marginally heavier than this value, from − 1.35 ± 0.06 to − 1.48 ± 0.07‰, while magnetite in the NNO experiment has − 1.79 ± 0.06‰. The glass phase is always systematically heavier than its coexisting magnetite, between − 0.88 ± 0.09 and − 1.16 ± 0.09‰, again close to the starting composition, but clearly resolved from magnetite. Measured isotope differences between magnetite and glass vary between − 0.32 ± 0.11 and − 0.70 ± 0.08‰.
Discussion
Correcting for contamination and open-system behaviour of V in experiments
The time required to achieve isotopic equilibrium may be tested by performing a time-series, whereby all other variables are held constant aside from the run duration. Here, two experiments were run for 3 days (Co-CoO and HM), whereas the Re-ReO 2 and NNO experiments were run for 7 and 14 days, respectively. The coherence of all four experiments with one another in chemical and isotopic trends (Fig. 2) suggests attainment of isotopic equilibrium with run times longer than 3 days (see also Arató and Audétat 2017) .
Diffusion rates for V 4+ , presumed to be the most abundant V species in the melt (e.g. Toplis and Corgne 2002) , are estimated with the empirical, viscosity-based model of Mungall (2002) . At 1073 K, 5 kb and an average XH 2 O = 23.1 (mol%), the calculated log η = 3.7 (Pa s; Ardia et al. 2008) gives rise to V diffusivity of 3.0 × 10 −10 cm 2 /s. For an inner capsule radius of 1.5 mm, equilibration times over the entire capsule are 8.7 days (3 days gives equilibration length scales of 0.9 mm). These timescales are sufficient for equilibration over the length scale of melt-magnetite equilibrium, which occurs over 100-200 µm (Fig. 1) .
Despite evidence for equilibrium, open system behaviour resulting from the loss of vanadium from either the melt or magnetite must be evaluated. The most likely culprits are (a) complexation of V by a fluid phase and (b) alloying of V with the Ag 75 Pd 25 capsule. The recovered charges are unvesiculated ( Fig. 1) and have lower water contents than required for fluid saturation, obviating loss of V in a fluid phase. While V is immiscible in Ag (Smith 1989) , it readily forms alloys with Pd (Massalski 1990 ). However, the low temperatures, high f O 2 , and high Ag proportion in the Ag-Pd alloy minimise V loss to the inner capsule. The degree to which V loss affected each experiment may be quantified by mass balance. Reconstructed total V 2 O 3 contents, considering that 50% of the mix is comprised of magnetite (differential dissolution of magnetite into melt at different f O 2 has no effect on the calculated proportions), are given in Table 6 . With the exception of the NNO run (3.41 ± 0.16 wt%), all experiments are within uncertainty of the 4 wt% in the starting mix. The 1 atm experiment yielded 1.82 ± 0.06 wt% V 2 O 3 , compared with the 2 wt% in the starting mix, and it is noteworthy that the magnitude of the V isotope fractionation factor in this experiment is consistent with the high-pressure experiments. Therefore, with the exception of the NNO run, which lost < 15% V, the experiments acted as closed systems with respect to V.
To quantify the purity of the separated glass and magnetite fractions, V concentrations from a split of the solutions measured for their isotope composition are reported in Table 6 . As the end-member phase compositions are known (Table 4) , mass balance constrains the fraction of magnetite contaminating the glass and is used to yield the isotope composition of the glass:
where X refers to the concentration of vanadium in magnetite or glass, and f their mass fraction. The mass fraction of magnetite contaminating the glass is given by the two-phase mass balance:
where X V mix is the concentration of V measured in solution. Values of X V mix (the V (ppm) column), the bulk V 2 O 3 and f mag are listed in Table 6 , with f mag ranging from 5.3% in the HM experiment to 0.4% in the NNO run, where the long run time permitted growth of magnetite and facilitated separation from the glass. The corrected δ 51 V gl values are in the range − 1.02‰ (NNO) to − 0.57‰ (HM) ( Table 6 ). The true fractionation factor between magnetite and silicate glass ( Δ 51 V mag-gl ) can then be calculated (Table 6 ). This quantity shows a negative dependence on the log f O 2 of the experiment at 800 °C, where Δ 51 V mag-gl = − 0.92 ± 0.11‰ at log f O 2 = − 9.68 (HM) and where Δ 51 V mag-gl = − 0.63 ± 0.09‰ at log f O 2 = − 15.74 (FMQ − 1), 1SD.
Partitioning and redox dependence of Fe and V
Quantification of the co-ordination and oxidation state of V, in both magnetite and melt, is essential to understanding the direction and magnitude of isotopic fractionation
between the two phases. At equilibrium, the reaction describing the formation of magnetite from iron oxides present in a silicate melt is This demonstrates that the ratio Fe 3+ /Fe 2+ in magnetite is fixed by stoichiometry at 2, and does not, therefore, depend on f O 2 , provided that the magnetite is stoichiometric with 3 cations to 4 oxygens. The approximation of ideal stoichiometry is a reasonable one for the temperatures relevant to this study (Dieckmann 1982 where log K * denotes the deviation of the activity of liquid components from ideality relative to the ideal case, log K , in which a = X . Here, Henry's Law behaviour is assumed, such that FeO 1.5 FeO is constant over all f O 2 , a condition shown to be valid for MORB (Berry et al. 2018 ).
W i t h t h e c o n s t r a i n t t h a t X � FeO 1.5 � + X(FeO) = ∑ FeO x , and given that ∑ FeO x , X Fe 3 O 4 and f O 2 are known from the experiments, a weighted non-linear least squares chi-squared minimisation is performed for the difference between the calculated and observed ∑ FeO x by changing logK *
and logK * (10) and hence X FeO 1.5 and X(FeO):
where i denotes that the sum was performed globally for all four experiments simultaneously. The weighting of the (9) FeO (l) + 2FeO 1.5(l) = Fe 3 O 4(s) .
(10)
(11) Fig. 3 ), Fe 3+ /∑Fe remains higher at a given f O 2 in hydrous haplogranite relative to MORB. In fact, the high logK* (10) is close to that found for the K 2 Si 3 O 7 and Na 2 Si 3 O 7 liquids studied at 1250 °C and 1 bar by Knipping et al. (2015) , suggesting that network-modifiers (Na, K) stabilise Fe 3+ in silica-rich compositions (Thornber et al. 1980; Dickenson and Hess 1986; Borisov et al. 2017) .
Previous studies emphasise that trivalent V is significantly more compatible than V 4+ or V 5+ in silicate and oxide minerals (Canil 1999; Nielsen et al. 1994; Righter et al. 2006b; Toplis and Corgne 2002; O'Neill 2009, 2013) . This is due to the high octahedral site preference energy of V 3+ (4/5∆ oct ) and the suitability of its ionic radius in VI-fold co-ordination (0.645 Å) for VI Fe 3+ -occupied sites (0.64 Å). Magnetite, which has an inverse-spinel cation distribution at room temperature, IV Fe 2+ VI (Fe 2+ , Fe 3+ )O 4 (e.g., Bosi et al. 2009; Fleet 1981) , tends towards a random (normal) structure at high temperatures (Wu and Mason 1981) . Vanadium could, therefore, be considered as substituting as the coulsonite end-member, which is a normal spinel; IV Fe 2+VI (V 3+ ) 2 O 4 (Radtke 1962 ). However, with both the Fe 2+ /Fe 3+ and V 3+ /V 4+ redox pairs present, the following electron exchange equilibrium occurs At high temperatures, the equilibrium tends towards a statistically random arrangement, because having substantial fractions of each of the four species results in particularly high configurational entropy. The free energy associated with electron exchange (Eq. 14) was determined to be small by O'Neill and Navrotsky (1984), pp. 742-743, who modelled the cation distribution of Fe 3 O 4 -FeV 2 O 4 spinels and found that their activity-composition relationships matched those determined experimentally when ΔG (14) ≈ 0 (their Fig. 7) . The negligible ΔG (14) causes a large, negative deviation from ideality of mixing (Wakihara and Katsura 1971; Katsura et al. 1975 .55 (where z is the mean V oxidation state) was obtained, which may also be taken to apply at infinite dilution (X coul → 0). As both V species occupy the octahedral B-site, the electron exchange occurs rapidly and is unquenchable. The important point for this study is that V 3+ /V 4+ in binary Fe-V-O spinel solid solutions is controlled by stoichiometry and is independent of f O 2 .
Using the coulsonite component as the end-member, the substitution of V into magnetite is described by
The activity of FeO in the liquid is given by Eqs. 9 and 10, and thus depends on f O 2 . The partition coefficient for V between Fe 3 O 4 -FeV 2 O 4 spinels and melt may be written as Equation (16) neglects V 2+ O in the liquid, as it is not an important melt component above the Iron-Wüstite buffer (Sutton et al. 2005) . The mole fractions of VO x species in the silicate melt, and resultant V 3+ /V 4+ /V 5+ ratios, are in turn dependent on the f O 2 of the experiment:
At equilibrium, Eqs. 17 and 18 can be solved for the mole fractions of VO 2(l) and VO 2.5(l) . Substituting these into Eq. 16 yields (Knipping et al. 2015) and Mid-Ocean Ridge Basalt, MORB (Berry et al. 2018) . Numbers refer to the logK* value of Eq. 10, see "Partitioning and redox-dependence of Fe and V" As V is a trace element in the silicate melt, it is assumed to be in the Henry's Law region, where the activity coefficient for each valence is independent of f O 2 and concentration. A global non-linear least-squares fit to Eq. 21
gives equilibrium constants of logK Giuli et al. 2004; Sutton et al. 2005) , except under highly oxidising conditions (> FMQ + 3; Table 7 ; Fig. 4a, b) .
The high logK * (15) is manifest in a high D V relative to the previous studies (Fig. 5) . Values of logK * s (17) and (18) in this work are generally lower (i.e., favouring the reduced species) than found in Toplis and Corgne (2002) for a ferrobasaltic composition at 1068 °C and 1 bar, see Table 7 . This is a reflection of the lower slope in a log(D V ) vs. ΔFMQ diagram (Fig. 5) , where m, the slope, is dictated by the change of speciation of V in the liquid, since that in ) in a hydrous haplogranite melt at 800 °C, 0.5 GPa and b sum of V valence states in the melt and magnetite. Vanadium valence in magnetite is calculated from the equilibrium constant of Eq. 14 and in the melt from values of the equilibrium constants for Eqs. 15, 17 and 18, see "Partitioning and redox-dependence of Fe and V" magnetite is constant for a range of f O 2 at a given temperature (Eq. 14; Fig. 4b ). Therefore, a single partition coefficient describing the different V species is untenable, as V Arató and Audétat (2017) , whose experiments were run under essentially the same conditions (800 °C, 5 kb) and compositions (haplogranite with ASI of ≈ 1). Differing behaviour may arise due to (1) a change in a(FeO) and activity coefficients of VO x species as a function of melt composition, pressure, and temperature and (2) the high FeV 2 O 4 component in our experiments and those of Toplis and Corgne (2002) , compared with the trace amount of V present in magnetite in Sievwright et al. (2017) and Arató and Audétat (2017) .
Controls on V isotope fractionation
Isotopic fractionation can be understood in the context of the bond valence model, which states that the sum of the bond valence ( s = charge/co-ordination) must equal the formal charge on the ion (Pauling 1929) . Its relation to the strength of the ‹V-O› bonds (the parameter that controls isotope fractionation) is given by the force constant, K f , which may be approximated by describing the bonding environment of V by electrostatic interactions, using the Born-Landé equation (see Young et al. 2009; Sossi and O'Neill 2017): Here, o is the permittivity of free space, q is the charge on an electron in coulombs, B is the Born exponent (= 12 in minerals, Young et al. 2009 ), and r is the radius in metres. The force constant therefore increases (which favours heavier isotopes) as charge increases or co-ordination decreases, because both phenomena are associated with a shortening of the bond length.
Calculations performed herein are benchmarked against recent molecular dynamics simulations of hydrated V species of variable oxidation state (Wu et al. 2015) and compare favourably (see Online Appendix A for details). At high temperatures, the force constant is related to the reduced partition function ratio, or factor, by a constant term, f , that describes the quantum component of the partition function ratio, and is dependent on the relative mass difference between the two isotopes, n and d (Bigeleisen and Mayer 1947): where N A is Avogadro's number, h is Planck's constant, k B Boltzmann's constant, m is the molar mass, and for 51 V/ 50 V, f = 1720; and the temperature, in Kelvin, squared:
While the oxidation state of V in magnetite and coexisting melt can be calculated (see "Partitioning and redox-dependence of Fe and V"), information on coordination number and bond lengths is rare (Schindler et al. 2000) . In basaltic glasses, V 3+ is octahedrally coordinated as in minerals, V 4+ has an average co-ordination of 5.33 (Sutton et al. 2005) , whereas V 5+ -O bond lengths are 1.82 Å (close to V-fold), but decrease to 1.7 ± 0.02 Å (IV-fold) in alkali-and Ca-rich compositions (Giuli et al. 2004 ). This figure closely matches that obtained by adding the ionic radii of IV V 5+ (0.355 Å) and O 2− (1.38 Å), 1.74 Å (Shannon 1976 ). In the experimental glasses, r is therefore estimated by linear interpolation between ‹V-O› bond distances for V 5+ (r = 1.74 Å) and V
4+
(r = 1.87 Å) (Giuli et al. 2004; Sutton et al. 2005) , with values shown in Table 8 .
4 0 r 3 . The constancy of V oxidation state, and hence calculated ‹V-O› bond lengths in magnetite over the range of f O 2 investigated means that changes in V speciation in the melt control the degree of isotopic fractionation. Results of these calculations show that an average oxygen co-ordination of 2.5 best fits the melt experimental data, implying a network-forming role for both V 4+ and V 5+ , which is unsurprising given their similar charge and coordination to Si 4+ . Importantly, the model also predicts that magnetite, in which V has a lower average valence (3.55) and higher co-ordination (VI-fold), should always be isotopically lighter than co-existing melt. The model reproduces the larger isotopic fractionation observed in the more oxidised experiments, where the difference in charge, co-ordination and ‹V-O› bond length is greater between the two phases at higher f O 2 (Table 8 ). Figure 6 illustrates the dependence of the fractionation factor between magnetite and melt as a function of f O 2 at 800 °C, which has the form:
Uncertainties take into account the errors on the analyses themselves as well as the goodness of fit of the regression, and it should be noted that they are compensatory (a positive uncertainty in the slope is compensated for by a negative uncertainty in the intercept, and vice versa). The slope illustrates that the dependence on f O 2 is small but significant over the range of igneous rocks as the ratio of V 3+ /V 4+ remains constant in magnetite but increases in valence in the melt. Fractionation is driven by (1) the difference in redox state of V, constant at V 3+ /V 4+ = 0.82 in magnetite and changing V 4+ /V 5+ in the melt over a range of f O 2 (cf. Fig. 4b ) and (2) the difference in co-ordination between octahedral V in magnetite and IV-to-V-fold co-ordinated V in the liquid.
Implications
Comparison with natural data
Minerals in the titanomagnetite solid solution are common accessory phases in igneous systems on Earth. Despite their minor abundance, the timing of their appearance on the liquid line of descent gives rise to the distinct chemical evolution of the tholeiitic (late saturation, iron enrichment) and calc-alkaline (early saturation, iron depletion) magmatic trends (Sisson and Grove 1993) . As the timing of this saturation is dependent on the f O 2 of the crystallising magma (e.g., Toplis and Carroll 1995; Feig et al. 2010) , magnetite may provide an important record of the prevailing oxygen fugacity via its vanadium isotope composition. Furthermore, magnetite crystallisation reduces the melt by preferentially sequestering Fe 3+ and can trigger sulfide saturation with (25) important implications for the formation of economically viable mineral deposits (e.g., Jenner et al. 2010) . Prytulak et al. (2017) measured the whole rock V isotope composition of two differentiating magmatic suites from Hekla, Iceland and Anatahan volcano, from the Marianas island arc. The former records f O 2 ≈ FMQ (Baldridge et al. 1973) , whereas magmas from the Marianas crystallise under a more oxidised regime, near FMQ + 2 (Brounce et al. 2014) . Despite these differing oxygen fugacities, the V isotope evolution in both systems shows a similar trajectory, in which the most differentiated magmas reach δ 51 V AA ~ + 1‰ from an initial, parent magma composition of near − 0.7‰. In detail, the calculated magnetite-melt fractionation factors differ slightly; − 0.5‰ for Anatahan, and − 0.45‰ for Hekla (Prytulak et al. 2017) at ≈ 1000 °C.
Strikingly, however, both these fractionation factors derived from bulk lavas fall in the range determined experimentally herein. Using the correlation of the experimental fractionation factor with f O 2 (Eq. 25), corrected from 800 to 1000 °C assuming a 1/T 2 dependence (Eq. 24), gives relative f O 2 of FMQ − 1.5 for Hekla and FMQ + 0.7 for Anatahan, in excellent agreement with the 2 log unit difference recorded by oxygen barometry (see Prytulak et al. 2017 , and references therein), although they are displaced to lower values (FMQ and FMQ + 2, respectively).
It has been shown that changes in melt composition affect V redox and co-ordination (Giuli et al. 2004) , and hence the isotopic fractionation factor. This was demonstrated for Fe, where IV-fold co-ordinated iron is preferred relative to VI-fold in more polymerised, alkali-rich rhyolitic compositions with respect to more mafic compositions (Dauphas et al. 2014) . A similar effect may be expected for V, because the low bond valence alkalis stabilise lower V co-ordination numbers (see Jackson et al. 2005 for an example for Fe). Indeed, Giuli et al. (2004) observed that V 5+ in Fe-bearing compositions was in higher co-ordination than in Fe-free and sodium-silicate compositions. The stronger ‹V-O› bonds found in lower co-ordination environments would, therefore, produce greater Δ 51 V mag-melt fractionation in granitic melts compared with basaltic liquids. Empirically, the displacement in calculated f O 2 with respect to measured values in Hekla and Anatahan suggests that the fractionation factor may indeed be sensitive to composition. If so, then the experimental calibration for haplogranitic compositions is not directly applicable to the andesitic-dacitic liquids crystallising at Hekla and Anatahan. Nevertheless, the f O 2 dependence (the slope in Eq. 25) will be less sensitive to composition, because different melt components will affect the logK * of Eqs. 15, 17 and 18 by altering the vanadium oxide activity coefficients in the melt (γVO 1.5 , γVO 2, and γVO 2.5 ) but not the stoichiometries of the reactions.
The weak sensitivity of the V isotope composition in whole rock lavas to their different redox states shows that V isotopes are not straightforward indicators of f O 2 variations in igneous systems. However, the systematic increase in fractionation factor with f O 2 (Fig. 6) is potentially resolvable if magnetite-melt pairs are determined. In the absence of the melt phase, because magnetite commonly hosts the majority of the vanadium in crystallising magmas, it may act as a single mineral indicator of f O 2 .
Magnetite as an indicator of f O 2
Given the diverse ways in which magnetite may form on the Earth, its chemistry likely holds clues to its provenance and conditions of formation. However, discrimination of magnetite provenance based on trace elements alone can be troublesome given that igneous magnetite may span a wide range of composition dependent on its petrogenetic history, resulting in the overlap of many trace element fingerprints in different formation environments (e.g., Dare et al. 2012) . Magnetite from igneous rocks is amongst the most V-rich on Earth, often containing > 0.15 wt% V 2 O 3 , and up to several weight percents in layered mafic intrusions (e.g. Grigsby 1990; Dare et al. 2014; Toplis and Corgne 2002; Balan et al. 2006) . Figure 7 depicts results of a fractional crystallisation model similar to Prytulak et al. (2017) to FMQ + 3 (Fig. 7) . Temperature is related to the fraction of melt, F, by the expression T °C = 1022 + 266F − 290F 2 + 175F 3 (Toplis and Corgne 2002) . Magnetite saturation (at T °C < 27.2 × ΔNNO + 1125) and modal abundance (ol + plag):cpx:mag = 42:40:18, as a function of f O 2 and temperature, is parameterised after Toplis and Corgne (2002) , while olivine and augite Mg#s are given by K D Fe−Mg = 0.3 (Toplis 2005; Bédard 2010) . Plagioclase is the only other mineral to crystallise, with phase proportions set to ol:plag = 27:73 and cpx:(ol + plag) = 30:70 (Toplis and Carroll 1995) . Partition coefficients as a function of f O 2 for V in magnetite are taken from this work and those for clinopyroxene from Mallmann and O'Neill (2009) . The vanadium isotope fractionation factor between magnetite and melt is taken from Eq. (25), and is assumed to apply to clinopyroxene-melt due to its preference for trivalent V in octahedral co-ordination (Toplis and Corgne 2002; Karner et al. 2006; Mallmann and O'Neill 2009 ). At FMQ − 1, clinopyroxene crystallises first, depriving the melt of half its V budget before magnetite crystallises (D V = 63.1) with a maximum of 1.4 wt% V 2 O 3 . Intermediate f O 2 produces the greatest enrichment of V in magnetite (1.51 wt%) despite lower D V , of 26.9, as it co-crystallises with augite. At FMQ + 3, magnetite is initially poor in V 2 O 3 (0.57 wt%) owing to its lower D V of 12.6, but the melt is depleted more slowly, such that magnetite crystallising at the end of differentiation is still V-rich (> 100 ppm). Magnetite from the reduced series has the heaviest δ 51 V, owing to (a) extraction of light V into clinopyroxene and (b) rapid depletion of V from the melt (Fig. 7) . In general, magmatic magnetite will be initially light and V-rich, before evolving to heavy, V-poor compositions due to progressive extraction of V by magnetite (± clinopyroxene).
Granitic rocks, whose compositions range from reduced, A-type granites (Turner et al. 1992; Frost and Frost 2010) to oxidised, magnetite-bearing I-type granite (Chappell and White 1974) may evolve distinct V isotope signatures in magnetite. The protracted fractional crystallisation that produces A-types (e.g., Turner et al. 1992; Shellnutt et al. 2009 ) depletes the remaining melt in V and light V isotopes, such that any magnetite to crystallise from these evolved magmas is V-poor (< 100 ppm) and inherits a heavy isotope composition, > 1.5‰ (Fig. 7) . By contrast, I-type granites, owing to their more oxidising environment, precipitate magnetite earlier in their magmatic evolution while ample V remains in the melt. This melt is still isotopically light, akin to basaltic liquids (Prytulak et al. 2013 ; Fig. 7) , and the Δ 51 V mag-melt fractionation factor upon magnetite precipitation is more negative due to the oxidising conditions, resulting in isotopically light magnetite, ≤ 1‰ (Fig. 7) that is relatively rich in V (> 100 ppm). This behaviour mirrors that observed for iron isotopes in granitic rocks (Foden et al. 2015) . The isotopic composition of V in detrital, igneous magnetite may, therefore, prove diagnostic in identifying the conditions under which it crystallised from its parent magma, which may be especially useful in older Archean rocks in which magnetite is often detrital.
Magnetite precipitated from high temperature (500-800 °C) porphyry fluids may reach similar V 2 O 3 contents (≈ 0.5 wt%; e.g. Nadoll et al. 2014 ) to those found in mafic igneous rocks. Vanadium contents decrease to ≈ 0.1 wt% (Canil et al. 2016) in magnetite associated with skarntype mineralisation (300-500 °C). The lowest V contents (and trace elements in general) occur in magnetite precipitated from seawater to comprise BIFs Nadoll et al. 2014) , with a median of 4.8 ppm (− 4.5/+ 36, n = 135). The diversity of magnetite V concentrations forming in distinct environments at different temperatures offers ample scope for stable isotopic fractionation. Therefore, characterisation of the V isotope composition of magnetite formed in different settings may in the future, together with V concentrations, act as a powerful provenance tracer.
Conclusion
The first V isotope fractionation factors between experimentally-grown magnetite and hydrous, haplogranitic melts at 800 °C, 0.5 GPa in a piston cylinder were determined. Oxygen fugacity in the experiments was varied by fixing fH 2 according to different mineral buffers, from FMQ − 0.78 to FMQ + 5.07, supplemented by a 1 atm run with a sodium silicate melt at FMQ − 1. Vanadium becomes more compatible in magnetite at more reducing conditions in response to a higher abundance of V 3+ , the most compatible species, in the granitic melt. Because the stoichiometry of Fe 3 O 4 -FeV 2 O 4 spinels fixes the V 3+ /V 4+ ratio to 0.82 at 800 °C in V-bearing magnetite, it is independent of f O 2 . By contrast, equilibrium constants for homogeneous equilibria between V oxide melt species (VO 1.5, VO 2 , and VO 2.5 ) show that V 4+ and V 5+ predominate over the f O 2 range of the experiments, where V 4+ /V 5+ decreases proportional to ( f O 2 ) 1/4 . This behaviour is reflected in increasingly isotopically heavy melt relative to magnetite at higher f O 2 , ranging from ∆ 51 V mag-melt = − 0.63 ± 0.09‰ at FMQ − 0.78 to − 0.92 ± 0.11‰ at FMQ + 5.07, and can be fit by Δ 51 V mag-melt (‰) = − 0.045 ± 0.021 × ΔFMQ − 0.70 ± 0.05. Such a trend can be reproduced by modelling the fractionation factor according to the bond valence model, where V is octahedrally co-ordinated V 3+ and V 4+ in constant proportions in magnetite, and a mixture of IV-and VI-fold V 4+ and V 5+ in the melt. Experimentally-derived fractionation factors are in accord with those inferred from natural systems, highlighting the role of magnetite in controlling the V isotope composition of evolving magmas. Vanadium isotope compositions in magnetite precipitated from granitic rocks have the potential to record f O 2 of crystallisation, and may, therefore, act as an in indicator of provenance in detrital magnetite.
